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[1] We apply our Snow, Ice, and Aerosol Radiative (SNICAR) model, coupled to a
general circulation model with prognostic carbon aerosol transport, to improve
understanding of climate forcing and response from black carbon (BC) in snow. Building
on two previous studies, we account for interannually varying biomass burning BC
emissions, snow aging, and aerosol scavenging by snow meltwater. We assess uncertainty
in forcing estimates from these factors, as well as BC optical properties and snow
cover fraction. BC emissions are the largest source of uncertainty, followed by snow
aging. The rate of snow aging determines snowpack effective radius (), which directly
controls snow reflectance and the magnitude of albedo change caused by BC. For a
reasonable 7, range, reflectance reduction from BC varies threefold. Inefficient meltwater
scavenging keeps hydrophobic impurities near the surface during melt and enhances
forcing. Applying biomass burning BC emission inventories for a strong (1998) and weak
(2001) boreal fire year, we estimate global annual mean BC/snow surface radiative forcing
from all sources (fossil fuel, biofuel, and biomass burning) of +0.054 (0.007—-0.13)

and +0.049 (0.007—0.12) W m 2, respectively. Snow forcing from only fossil fuel +
biofuel sources is +0.043 W m~? (forcing from only fossil fuels is +0.033 W m™?),
suggesting that the anthropogenic contribution to total forcing is at least 80%. The 1998
global land and sea-ice snowpack absorbed 0.60 and 0.23 W m 2, respectively, because of
direct BC/snow forcing. The forcing is maximum coincidentally with snowmelt onset,
triggering strong snow-albedo feedback in local springtime. Consequently, the “efficacy”
of BC/snow forcing is more than three times greater than forcing by CO,. The 1998
and 2001 land snowmelt rates north of 50°N are 28% and 19% greater in the month
preceding maximum melt of control simulations without BC in snow. With climate
feedbacks, global annual mean 2-meter air temperature warms 0.15 and 0.10°C, when BC
is included in snow, whereas annual arctic warming is 1.61 and 0.50°C. Stronger high-
latitude climate response in 1998 than 2001 is at least partially caused by boreal fires,
which account for nearly all of the 35% biomass burning contribution to 1998 arctic
forcing. Efficacy was anomalously large in this experiment, however, and more research is
required to elucidate the role of boreal fires, which we suggest have maximum arctic
BC/snow forcing potential during April—June. Model BC concentrations in snow agree
reasonably well (» = 0.78) with a set of 23 observations from various locations, spanning
nearly 4 orders of magnitude. We predict concentrations in excess of 1000 ng g~ for
snow in northeast China, enough to lower snow albedo by more than 0.13. The greatest
instantaneous forcing is over the Tibetan Plateau, exceeding 20 W m™ 2 in some places
during spring. These results indicate that snow darkening is an important component of
carbon aerosol climate forcing.

Citation: Flanner, M. G., C. S. Zender, J. T. Randerson, and P. J. Rasch (2007), Present-day climate forcing and response from black
carbon in snow, J. Geophys. Res., 112, D11202, doi:10.1029/2006JD008003.

1. Introduction

[2] Very small quantities of black carbon (BC, the strong-

ly absorbing component of carbonaceous aerosols) reduce
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in solar absorption can alter snowmelt timing, and snow
spatial coverage is tightly coupled to climate through snow-
albedo feedback [e.g., Budyko, 1969].

[3] Several other positive feedbacks amplify the first-
order warming effect of BC in snow. Warmer snow temper-
atures can accelerate snow effective radius (r.) growth
[e.g., Flanner and Zender, 2006], which darkens the snow
itself. Second, the radiative perturbation of a given BC
mass mixing ratio is greater in snow with larger r., [Warren
and Wiscombe, 1980]. Third, spring and summer melting
can concentrate hydrophobic and large impurities near the
snow surface [Clarke and Noone, 1985]. Fourth, the stable
atmosphere of high latitudes prevents rapid heat exchange
with the upper troposphere, resulting in strong surface
temperature response to surface radiative forcings [Hansen
and Nazarenko, 2004]. We represent all of these feedbacks
with a coupled snow-aerosol-climate model.

[4] Hansen and Nazarenko [2004] raised awareness of
BC/snow forcing by assuming spatially uniform snow albedo
reductions over arctic sea-ice and Northern Hemisphere land.
They estimate global adjusted BC/snow radiative forcing of
+0.15 W m 2, and global warming of 0.24°C, yielding a
forcing “‘efficacy” [Hansen et al., 2005], or change in
equilibrium global mean temperature per unit power of
radiative forcing, double that of CO,. Hansen et al. [2005]
scaled the BC/snow forcing based on deposition fields and
revised their original estimate to +0.05 W m 2 (corrected
value published in Appendix A.5 in Hansen et al. [2007]),
with a warming of 0.065°C. Jacobson [2004b] predicts
snow and ice reflectance with a radiative transfer solution
that interactively depends on BC deposition in an aerosol/
chemical transport general circulation model (GCM). He
predicts warming of 0.06°C from snow darkening by fossil
fuel and biofuel BC.

[5] We attempt to build upon these studies by accounting
for, and assessing uncertainty from interannually varying
biomass burning BC emissions, snow aging and spatially
varying grain size, meltwater scavenging of BC in the
snowpack, BC optical properties, and snow cover fraction.
We discuss some features of our Snow, Ice, and Aerosol
Radiative (SNICAR) model, including the influence of
snow 7. on reflectance and vertical heating perturbation
from BC. Next we compare global predictions of BC in
snow with observations. Then we estimate the global
climate response and efficacy of BC/snow forcing, finding
threefold greater global temperature response than expected
from equal forcing by CO,. Finally, we look at spatial and
temporal patterns of the forcing and climate response with
the goal of understanding this large efficacy in the context
of snowmelt timing and snow-albedo feedback.

2. Methods

[6] We simulate radiative transfer in the snowpack with
SNICAR [Flanner and Zender, 2005], which utilizes theory
from Wiscombe and Warren [1980] and the two-stream,
multilayer radiative approximation of 7oon et al. [1989].
The multilayer model allows for vertically heterogeneous
snow properties and heating, and influence of surfaces
underlying snowpack. We couple this snow radiative model
to the National Center for Atmospheric Research (NCAR)
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Community Atmosphere Model, version 3 (CAM3) [e.g.,
Collins et al., 2004], with configuration described below.

[7] Hemispheric radiative fluxes may be accurately esti-
mated for media composed of aspherical ice particles by
assuming collections of spheres that conserve the total
surface area and volume of the real media [Grenfell and
Warren, 1999; Neshyba et al., 2003; Grenfell et al., 2005].
For this reason, r., or surface area-weighted mean radius, is
the most appropriate snow grain metric for optical consi-
derations. We compute Mie parameters off-line at fine
spectral resolution for lognormal distributions of absorbing
aerosols and a wide range of ice .. Coupled to a GCM,
SNICAR uses only five spectral bands (0.3-0.7, 0.7—-1.0,
1.0-1.2, 1.2-1.5, and 1.5-5.0 um) for computational
efficiency. Following the Chandrasekhar mean approach,
optical properties are weighted into broadbands according
to incident solar flux [Thomas and Stamnes, 1999]. We use
surface incident flux typical of midlatitude winter for clear-
and cloudy-sky conditions, generated with the atmospheric
Shortwave Narrowband Model (SWNB) [Stamnes et al.,
1988; Zender et al., 1997]. In addition to weighting by solar
flux, we also weight single-scatter albedo (w) for ice grains
by hemispheric albedo of an optically thick snowpack:

o) = 2 wN)SHA ) a(N)dX
e sE(Va(Ndx

(1)

where S! is the downwelling surface incident flux (unique
for diffuse and direct cases), and « is the hemispheric
albedo of an optically thick snowpack of homogeneous r..

[8] This weighting scheme produces relative error in
albedo predicted using five bands of less than 0.5%, relative
to 470-band solutions. Over a wide range of zenith angles,
effective radii, and impurity concentrations, we found this
technique to be significantly more accurate (factor of 5
difference in mean relative error) in predicting spectrall
averaged albedo than when w is weighted only by S;.
However, we stress that it is only an empirical approach
and provides undesirable results in more general cases
(such as the case of weighting the limits w = 0 and
w = 1). It also requires a priori narrowband albedo values
of the bulk medium. Errors in sub-2 cm absorption with
this approach are ~4%, slightly greater than errors without
the albedo weighting of w. Broadband Mie parameters for
50 < 7. < 1000 pum are compiled into a lookup table for
online retrieval in the host GCM.

[v] We partition online surface-incident visible and near-
infrared (NIR), diffuse and direct flux into the five bands
used by SNICAR using the same off-line estimates of
narrowband midlatitude winter fluxes. We apply the delta-
Eddington [Joseph et al., 1976] and delta-Hemispheric
Mean [Toon et al., 1989] approximations in the visible
and NIR spectra, respectively. In very rare situations (about
1 in 10° cases), the multilayer solution approaches an
indeterminate case with direct-beam incident flux [Zoon
et al., 1989], so we adjust the Sun angle by a few degrees
to achieve reasonable predictions.

[10] Multiple aerosol species are accounted for by sum-
ming extinction optical depths of each component, weight-
ing individual single-scatter albedos by optical depths, and
weighting asymmetry parameters by the product of optical
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depths and single-scatter albedos. Hydrophilic and hydro-
phobic BC species are treated separately. Absolute error in
albedo predicted with five bands for snow with BC is also
<0.5%, although albedo reduction from typical BC concen-
trations is consistently 4—6% (relative) less with five bands
than with 470. As we will show, this bias is much smaller
than other uncertainties.

[11] We couple SNICAR to the CAM3 GCM with a slab
ocean model that has spatially varying mixed layer depth
with fixed monthly mean ocean heat transport. We include
prognostic transport and wet and dry deposition of hydro-
phobic and hydrophilic BC and organic carbon (OC) [Rasch
et al., 2001], using a single size bin for each of these four
components. Wet deposition tendencies consist of both first-
order loss from below-cloud scavenging by precipitation
and in-cloud scavenging that assumes a fixed fraction of
aerosol resides within the cloud water. BC and OC dry
deposition velocities are fixed at 1 mm s ' [e.g., Collins
et al., 2004]. Carbon aerosols are emitted into the atmo-
sphere as hydrophobic and then transform to hydrophilic
components with an e-folding time of 1.2 days. Transfor-
mation ceases upon deposition to the snowpack.

[12] Snow on land is represented in the Community Land
Model (CLM3) [e.g., Oleson et al., 2004] with a five-layer
model based on Jordan [1991] that accounts for vertically
resolved snow thermal processes, densification, and melt-
water transport. Snow on sea-ice is represented with a single
layer in the Community Sea Ice Model (CSIM) component
of CAM3. Radiative layers in SNICAR match thermal
layers in these models. GCM grid cell area is approximately
97,000 km? near the equator and 17,600 km? at 80°N.

[13] We calculate instantaneous radiative forcing of carbon
aerosols in both snow and the atmosphere at each radiative
transfer time step as the difference in absorbed radiation
with all aerosols and all aerosols except carbon aerosols.
Radiative transfer estimates with carbon aerosols feed back
into the model climate. Reported atmospheric forcings are
from BC + OC, whereas snow forcings are from only BC
(discussed below).

[14] Forcing is sensitive to cloud treatment, which strongly
affects both surface-incident and outgoing top-of-atmosphere
radiative fluxes. Cloud fraction is diagnosed based on
relative humidity, atmospheric stability, and convective mass
fluxes [Collins et al., 2004]. The cloud vertical overlap
parameterization is described in Collins [2001]. Liquid and
ice cloud optical properties are parameterized according to
Slingo [1989] and Ebert and Curry [1992], respectively.
Thus mixed-phase bulk cloud radiative properties depend on
prognosed cloud water path [e.g., Rasch and Kristjansso,
1998], temperature-dependent drop-effective radius, and ice
fraction. Liquid and ice hydrometeors are each represented
with a single size category. Finally, the atmospheric multi-
layer radiative transfer approximation [Briegleb, 1992]
utilizes the delta-Eddington approximation and 19 spectral
bands in the solar spectrum. Atmospheric and snow radiative
transfers are solved separately for practical reasons, as the
atmospheric radiation model is engineered to utilize prede-
termined surface albedo.

[15] To estimate present-day global forcing of BC in
snow, we consider combinations of low, central, and high
estimates of the following factors.

FLANNER ET AL.: BLACK CARBON SNOW FORCING

D11202

x10°

>
3
:

ESN
-
I

w
3]
‘

'l

‘o
F = BN aE|
v f o
Y. 3 I
b

BC Emissions (kg m=2 yr_1)

- N
- o v o w
‘ :

-

o
(3]
4

. - BREE e N\
-1 - p PR v

PR S\ | | | L Vi | |
—950 -40-30-20-10 0 10 20 30 40 50 60 70
Latitude

Figure 1. Zonal annual mean black carbon emissions from
fossil fuel + biofuel combustion [Bond et al., 2004] and
biomass burning during 1998 and 2001 [Van der Werf et al.,
2006].

2.1. BC and OC Emissions

[16] We use low, central, and high fossil fuel (FF) and
biofuel (BF) BC and OC emission estimates at 1° x 1°
resolution from Bond et al. [2004]. These annual mean
estimates are derived from 1996 fuel-use data and assump-
tions about local combustion technology and practice. We
use monthly biomass burning (BB) estimates of BC and OC
from the Global Fire Emissions Database, version 2 (GFEDv2)
[Van der Werf et al., 2006], which are derived from satellite-
monitored burned area, modeled fuel load and combustion
completeness, and aerosol emission factors from Andreae
and Merlet [2001, personal communication]. We also apply
regional satellite-derived carbon monoxide inversion factors
(Prasad Kasibhatla, unpublished data, 2006), which constrain
the forward emission estimates. Boreal forest fires exhibit
strong interannual variability and are likely the dominant
source of arctic BC during moderate fire seasons [Stohl,
2006]. In this 1997-2004 BB emissions time series, 1998
was the strongest boreal fire year, and we select 2001 as
representative of a weak year. Boreal emissions were weaker
in 1997, but global emissions were greatest this year. We
estimate high and low emissions at each grid cell and month
for these two years by combining standard error, in quadrature,
of regional CO inversion factors and CO and BC emission
factors [Andreae and Merlert, 2001, personal communica-
tion]. Assuming a broad range of emissions may compensate
for some variability in atmospheric transport mechanisms,
which we do not address here. Zonal-mean, annual FF + BF,
and BB emissions are shown in Figure 1, where a large
difference in high-latitude BB emissions between 1998 and
2001 can be seen. Table 1 lists global and boreal annual FF +
BF and BB emission estimates, and all other experimental
configurations.

[17] All emissions enter the lowest model atmosphere layer.
Particulate matter from strong fires can be injected above the
boundary layer, however, and assumptions about injection
height may affect model high-latitude upper troposphere
heating [Rasch et al., 2005]. Lacking associated injection
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Table 1. Configurations for 1998 and 2001 Low, Central, and High Experiments

Low Estimate

Central Estimate High Estimate

FF + BF BC Emissions (Global/N of 30°N), Tg yr™'
1998 BB BC Emissions (Global/N of 30°N), Tg yr '
2001 BB BC Emissions (Global/N of 30°N), Tg yr~'
BC MAC (fresh, hydrophobic), m? g ' at 550 nm
BC MAC (aged, hydrophilic), m? g~ at 550 nm
Snow Aging Scaling Factor

Snow Cover Fraction

Hydrophilic Meltwater Scavenging Ratio (kppi)
Hydrophobic Meltwater Scavenging Ratio (kpho)

1.6/1.0 4.7/2.7 16.2/9.3
2.1/0.4 4.1/0.8 6.5/1.6
1.1/0.1 2.0/0.2 3.0/0.4

6.3 7.5 8.7

9.5 11.3 13.1

0.5 1.0 2.0

Oleson et al. [2004] Romanov and Tarpley [2004] Yang et al. [1997]
2.0 0.2 0.02
0.3 0.03 0.003

height information for our emission inventories, we do not
assess forcing sensitivity to this factor.

2.2. Optical Properties

[18] Bond and Bergstrom [2006] comprehensively review
current understanding of optical properties of freshly com-
busted light absorbing aerosols. They suggest a mass
absorption cross section (MAC) of 7.5 = 1.2 m? g ' at
A =550 nm for uncoated particles, based mostly on samples
from diesel engines and traffic tunnels. Particle density,
refractive index, size distribution, coatings, and morphology
all affect the optical properties. However, current under-
standing of these physical parameters, combined with Mie
or Raleigh-Debye-Gans theory, underpredicts observed
MAC by ~30% [Bond and Bergstrom, 2006]. Commonly
used optical properties [Hess et al., 1998] are in the correct
observational range of BC MAC but are derived by applying
Mie theory to a highly unrealistic combination of physical
properties. Scattering magnitude and direction by realistic
BC concentrations have negligible effect on bulk snowpack
radiative transfer because scattering is dominated by the
ice crystals. Therefore realistic BC MAC, even if derived
with assumptions that produce unrealistic w and scattering
phase function, predicts realistic snowpack absorption
enhancement. (This is not necessarily true for absorbing
aerosols in the atmosphere, where scattering optical depth
is much lower.) For hydrophobic BC, we use indices of
refraction from Chang and Charalampopoulos [1990],
number-median radius of 0.05 pm (a central value among
many studies published in Bond et al. [2006]), and lognormal
size distribution with geometric standard deviation of
1.5. We use particle density as a tuning parameter to obtain
MAC = 7.5 m? g~ ' (+1 standard deviation from Bond et al.
[2004] for low and high estimates) at A = 550 nm.

[19] Coagulation between BC particles and collapse of
the aggregate structure tend to occur as the particles age and
obtain moisture [e.g., Schnaiter et al., 2003], contributing to
a reduction in MAC with atmospheric lifetime. However,
particle coating from condensation of weakly absorbing
material increases MAC (specific to the original BC mass)
[e.g., Jacobson, 2001]. Bond et al. [2006] suggest that the
net effect of these competing processes increases MAC by a
factor of ~1.5 with aging. With this information, we treat
aged, hydrophilic BC as sulfate coated. We apply Mie
theory using the same core properties as hydrophobic BC
and a sulfate coating with outer radius 1.67 times that of the
uncoated BC, yielding an absorption enhancement of 1.5 at
A = 550 nm. Optical properties are applied consistently to
these two aerosols in the atmosphere and snow. Uncertainty

remains about BC/ice mixing states. We assume external
mixtures of coated and uncoated BC, but BC coating by
sulfate mimics that by ice, since both coatings are weakly
absorbing. Furthermore, for small core diameters, increasing
coating thickness only slightly increases the absorption
amplification [Bond et al., 2006].

[20] We apply OPAC optical properties [Hess et al., 1998]
for water-soluble aerosol to atmospheric OC [Collins et al.,
2002; Cooke et al., 1999], but do not treat OC in the
snowpack. A short GCM sensitivity study with active OC
in snowpack showed global forcing 200x smaller than BC/
snow forcing using these optical properties. However, several
recent studies [e.g., Bond, 2001; Kirchstetter et al., 2004;
Hoffer et al., 2006; Ganguly et al., 2005], showing carbon
aerosol absorption features with Angstrom coefficients
greater than 1, and other chemical analyses led Andreae
and Gelencser [20006] to state that, “there is clearly a sub-
stantial fraction of organic matter in fine atmospheric aerosol,
which is light-absorbing, but has properties and origins very
much different from soot and is definitely not black.” This
“brown carbon” is characterized with Angstrom coefficients
from 2 to 6 and is emitted in greater quantity from biomass
burning and low-temperature combustion. Future research
constraining OC emissions, atmospheric processes, optical
properties, and snow concentrations may show that OC is a
non-negligible absorber in snowpack.

2.3. Snow Aging

[21] As discussed later, the change in absorbed energy
caused by BC depends strongly on snow r., implying that
forcing is sensitive to snow aging. We apply an empirical
representation of the microphysical model developed in
Flanner and Zender [2006], which predicts the evolution
of snow specific surface area with dependence on snow
temperature, temperature gradient, and density. In our
model, large temperature gradients can reduce pure snow,
spectrally averaged albedo by up to 0.12 within 14 days, but
the influence of temperature gradient is marginalized by cold
temperature and high snow density. The predictive aging
equation used here is the time derivative of equation (16) in
Flanner and Zender [2006]:

ds 1. .
2 __3 1/k ¢ —1/k—1
TR oT " (t+T)

2)
where S is the snow specific surface area, S is the fresh
snow specific surface area (assumed to be 60 m” kg™ ), ¢ is
the time since snowfall (where snowfall of 10 mm liquid
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water equivalent completely resets snow age and SSA), and
K and 7 are best fit parameters to predictions from the
microphysical model, retrieved from a lookup table
depending on local snow temperature, temperature gradient,
and density. Finally, since effective radius is a surface area-
weighted radius, r. = 3/(Sp;), where p; is the bulk ice
density. Model temperature gradient is taken as the mean
gradient at the center of each snow layer in CLM and, for
snow on sea-ice, as the temperature difference between
surface air and the mean of sea-ice and snow temperatures,
divided by the snow layer thickness. With a single snow
layer, CSIM cannot resolve the strong temperature gradient
that often exists in near-surface snow and hence likely
underestimates aging. We also add a wet snow grain growth
function, based on laboratory measurements, that is
parameterized as a function of liquid water content [Brun,
1989]. Grain growth from liquid water transfer is still very
poorly understood, and this function likely applies only to a
limited set of snow conditions. To enable wet snow aging in
CSIM, we added diagnostic prediction of liquid water
content based on net energy balance of snow at the freezing
temperature. Our aging parameterization does not treat
effects of wind, melt-freeze cycles, and sintering. Large
uncertainties remain about snow aging because of the
complexity of governing processes and because few quality
observational data sets exist to help understand those
processes. Hence we consider half and double the rate of r,
evolution predicted by SNICAR for our low and high
estimates, respectively.

2.4. Meltwater Scavenging and Aerosol Removal

[22] Very few studies have examined meltwater sca-
venging of impurities in snow. CLM accounts for melt-
water drainage by adding excess water to the layer beneath
when liquid content exceeds the layer’s holding capacity,
defined by snow porosity and irreducible water saturation.
We assume BC inclusion in meltwater proportional to its
mass mixing ratio multiplied by a scavenging factor. Thus
the BC mass rate of change in each layer 7 is:

% = k(gi1¢iy1 — gici) + D (3)
t

where m is the absolute mass of BC in each layer, & is the
scavenging ratio, ¢; is the mass flux of water out of layer i,
¢; is the mass mixing ratio of BC in layer i (BC mass
divided by liquid + solid H,O mass), and D is the sum of
wet and dry atmospheric deposition, added only to the
surface layer. This equation has similar form to equation (2)
of Jacobson [2004b] but is generalized for multiple snow
layers and treats removal as a function of meltwater
scavenging rather than with an empirical fall speed. After
deposition, BC is instantly mixed uniformly in the model
surface layer, which never exceeds 2-cm thickness.

[23] Conway et al. [1996] applied BC to the surface of
melting snow and observed that 99% of hydrophilic BC and
50% of hydrophobic BC were removed from the top 50 cm
of snow after 10 days. Applying a simple e-folding model
with total meltwater production observed during this period,
and initial and final BC mass observed in the top 2 cm, we
estimate hydrophilic and hydrophobic scavenging ratios of
kpni = 0.037 and kpho = 0.031. This estimate of &y is likely
too small because nearly all of the hydrophilic BC retained
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in the top 50 cm was in the top 2 cm, and Conway et al.
[1996] note that particles larger than ~5 pm are relatively
immobile during melt. Therefore retention of hydrophilic
particles near the snow surface is likely because of size
rather than particle affinity for water. This is consistent with
observations of mineral dust particles (typically larger than
BC by 2-3 orders of magnitude) remaining near the surface
during snowmelt (T. Painter, personal communication,
2006). Conway et al. [1996] offer unique observations of
aerosol transport with snow meltwater, but the spatial and
temporal resolutions of observations are too coarse, and
uncertainty about the role of particle size too large, to
estimate scavenging ratios with much confidence. Here we
assume kph, = 0.03, derived from observations in the top
2 cm, and apply the k,no/kpn; ratio obtained from analysis of
observations in the top 50 cm of snow to obtain kyp; = 0.20.
For high and low estimates, we assume an order of magnitude
uncertainty (Table 1).

[24] In the absence of melt, fresh snowfall in CLM
continuously divides the model surface snow layer and
prevents excessive BC accumulation. In CSIM, BC accu-
mulates excessively in snow on perennial sea-ice because of
the single layer representation and because snow remains
perennially on the sea-ice (an issue discussed later). Conse-
quently, we impose empirical BC removal with an e-folding
time of 1.44 years, resulting in steady state interannual
concentrations. Future versions of this sea-ice model will
have multiple snow layers.

2.5. Snow Cover Fraction

[25] Snow cover fraction (SCF) controls the area over
which BC/snow forcing operates. SCF is generally para-
meterized as a simple function of snow depth, but also
depends on orographic variability, vegetation cover, and
melt/accumulation phase (Z. Liang-Yang, personal commu-
nication, 2006). We found seven widely varying SCF
representations in the literature and choose the following,
based solely on their relative scales, for low, central, and
high SCF relationships to snow depth:

[26] ® Low: SCF =d / (10 z + d) [Oleson et al., 2004]
(CLM)

[27] e Central: SCF = min[1.0, log(100 4 + 1) / 3.33]
[Romanov and Tarpley, 2004]

[28] e High: SCF = tanh[d / (2.5z)] [Yang et al., 1997]

[20] Here d is the snow depth (m) and z is the surface
roughness length (fixed at 0.01 m for all soil types and
glacier surfaces in CLM). Snow depth of 10 cm predicts
SCF of 0.47, 0.69, and 0.99 for these three representations,
respectively. Oleson et al. [2004] is the current implementa-
tion in CLM. Romanov and Tarpley [2004] relates snow
depth, as measured by stations in the USA and Canada, to
SCF observed by satellite. Their derived relationship is valid
for snow depths less than 30 cm over prairies and lightly
forested regions. Yang et al. [1997] proposed SCF from
analysis of 6 years of station data from six sites in the former
Soviet Union. Improving SCF representation to account for
variables other than snow depth is beyond the scope of this
study.

[30] Lacking a radiative transfer approximation for BC
inclusion in sea-ice, we assume snow forcing acts homoge-
neously over snow-covered and snow-free ice. This crude
assumption probably underestimates forcing because sur-
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